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Abstract We present detailed proﬁles of vertical water ﬂux from the surface to 1.2 m beneath the
Haughton River in the tropical northeast of Australia. A 1-D numerical model is used to estimate vertical ﬂux
based on raw temperature time series observations from within downwelling, upwelling, neutral, and convergent sections of the hyporheic zone. A Monte Carlo analysis is used to derive error bounds for the ﬂuxes
based on temperature measurement error and uncertainty in effective thermal diffusivity. Vertical ﬂuxes
ranged from 5.7 m d21 (downward) to 20.2 m d21 (upward) with the lowest relative errors for values
between 0.3 and 6 m d21. Our 1-D approach provides a useful alternative to 1-D analytical and other solutions because it does not incorporate errors associated with simpliﬁed boundary conditions or assumptions
of purely vertical ﬂow, hydraulic parameter values, or hydraulic conditions. To validate the ability of this 1-D
approach to represent the vertical ﬂuxes of 2-D ﬂow ﬁelds, we compare our model with two simple 2-D
ﬂow ﬁelds using a commercial numerical model. These comparisons showed that: (1) the 1-D vertical ﬂux
was equivalent to the mean vertical component of ﬂux irrespective of a changing horizontal ﬂux; and (2)
the subsurface temperature data inherently has a ‘‘spatial footprint’’ when the vertical ﬂux proﬁles vary spatially. Thus, the mean vertical ﬂux within a 2-D ﬂow ﬁeld can be estimated accurately without requiring the
ﬂow to be purely vertical. The temperature-derived 1-D vertical ﬂux represents the integrated vertical component of ﬂux along the ﬂow path intersecting the observation point.

1. Introduction
Heat has been used as an environmental tracer for investigating surface water-groundwater interaction for
over 50 years and by numerous researchers [see reviews by Anderson, 2005; Constantz, 2008; Rau et al.,
2014]. This is made possible because of natural temperature variations at various frequencies in surface
water bodies (usually diel or seasonal variations are considered). Meanwhile, temperature variation in the
subsurface (shallow groundwater or hyporheic zone) shows less variation, and so there is usually a temperature difference between the surface and subsurface. These differences can be used to estimate the
exchange ﬂuxes between the two water sources.
One of the ﬁrst studies to exploit the temperature difference between surface water and groundwater was
Suzuki [1960]. He estimated the vertical seepage ﬂux into the shallow groundwater system from rice paddy
ﬁelds by measuring the downward propagation of the diel surface water signal. Soon after, Stallman [1965]
and Bredehoeft and Papadopulos [1965] developed analytical solutions to the 1-D heat transport equation
that enabled estimation of the vertical water ﬂux from vertical temperature proﬁles, and these have been
widely adopted and applied by many authors [Anderson, 2005; Constantz, 2008]. Based on the Stallman
[1965] equation, Hatch et al. [2006] and Keery et al. [2007] used a semiautomated approach to ﬁlter ﬁeld
data and calculate seepage rates from the phase lag and amplitude of the diel temperature variation. Other
authors have applied these approaches using MATLAB routines (i.e., Ex-Stream by Swanson and Cardenas
[2010]; VFLUX by Gordon et al. [2012]) to allow large data sets to be more easily analyzed.
The majority of studies looking at surface water-groundwater interaction using heat as a tracer have solved
for a single vertical ﬂux [i.e., Conant, 2004; Schmidt et al., 2006; Lautz and Fanelli, 2008]. However, in a nearstream environment a constant ﬂux with depth is unlikely. For example, in a gaining stream where a poolrifﬂe sequence induces hyporheic exchange, the vertical ﬂux through the streambed into the subsurface
would be expected to vary both longitudinally (in the direction of river ﬂow) and with depth. The hyporheic
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Figure 1. A conceptual model of the exchange processes occurring over a pool-rifﬂe sequence longitudinal cross section for a gaining
river, including the partitioning between the hyporheic zone and groundwater system. Vertical temperature proﬁles (red-dashed lines)
intercept (a) downwelling, (b) neutral, (c) upwelling or convergent, and (d) downwelling or divergent ﬂow lines.

ﬂux immediately below the streambed may be downward, whereas an upward ﬂux might occur beneath
the base of the hyporheic zone due to a regional groundwater ﬂow system (Figure 1). A gradual transition
between these two ﬂow systems would also be expected, so that the magnitude of downward ﬂux would
decrease gradually with depth to become an upwelling ﬂux in the deeper ﬂow system. Hence the ability of
a model to capture variability in the vertical component of ﬂux within a 2-D or 3-D ﬂow system is important.
If each observation depth in a proﬁle was treated independently, the resultant mean vertical ﬂux proﬁle
could provide information on changes in the ﬂow system with depth. A number of recent studies have
shown variability of vertical ﬂux with depth by applying an analytical solution to sequential pairs of temperature data down a vertical proﬁle [i.e., Swanson and Cardenas, 2010; Vogt et al., 2010; Gordon et al., 2012;
Briggs et al., 2012]. The analysis of paired data with depth implies that the ﬂow direction is purely vertical
between the two points, which contradicts the conceptual interpretation of a shallow transition from predominantly vertical to predominantly horizontal ﬂow in downwelling hyporheic ﬂow systems.
Numerical methods for interpreting streambed temperature data are less commonly applied than analytical
solutions [Anderson, 2005]. Examples of numerical approaches are found in 1-D by Lapham [1987] and in
2-D using VS2DH or other numerical codes [e.g., Anibas et al., 2009, Roshan et al., 2012, or Cuthbert and
Mackay, 2013]. Heat transport is also included in other commercial groundwater models (e.g., FEFLOW,
SUTRA, and HYDRUS). Although use of 2-D and 3-D numerical models would allow vertical variations in ﬂux
to be considered, temperature data are usually collected as vertical proﬁles, and there is often insufﬁcient
longitudinal and cross-sectional data to properly constrain a 2-D or 3-D model of the ﬂow system. Furthermore, most numerical groundwater models also require hydraulic head information and hydraulic conductivity parameters, which are rarely collected in sufﬁcient detail. Although recently these difﬁculties in data
collection have been partially addressed by advancements in measurement techniques using heat pulse
probes [Lewandowski et al., 2011] and ﬁber optic cables [Selker et al., 2006], 1-D analytical solutions are still
preferred over more complex numerical models due to their simplicity and ease of use.
This study uses vertical temperature proﬁles to evaluate the vertical distribution of water ﬂuxes beneath a
shallow river in northeastern Australia, as a means for understanding pool-rifﬂe scale hyporheic exchange.
The 1-D heat transport equation is solved numerically, thus avoiding some of the simplifying boundary condition assumptions of analytical solutions. The model is used to examine variations in the vertical component of water ﬂux for each proﬁle, where the mean vertical ﬂux between the river and each observation
depth is considered independently. The sensitivity of temperature simulations to mean vertical ﬂux is evaluated using a Monte Carlo analysis, while the error bounds of ﬂux are determined based on temperature
measurement error and a range of effective thermal diffusivity values. Our approach is validated by comparison with two 2-D ﬂow ﬁelds, one with a constant ﬂux upper boundary and the second with a variable ﬂux
upper boundary. We show that the use of a 1-D solution allows us to accurately constrain the vertical water
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ﬂux, but does not provide any information on the horizontal ﬂux. We discuss how vertical ﬂuxes derived
using the 1-D approach can be conceptualized in terms of hyporheic ﬂow paths.

2. Numerical Modeling Approach
If we are predominantly interested in the vertical component of water ﬂux, a 1-D model can sometimes be
used. This simpliﬁcation is possible when the input signal (diel temperature variation in the river) is widely
distributed in the horizontal plane. Thus, the temperature signal measured below the surface is representative of the travel time from the surface to the observation point, even though we do not know the origin (at
the surface) of the ﬂow path. This approach is used widely for interpreting environmental tracer data to
determine groundwater age in unconﬁned aquifers [e.g., Vogel, 1967; Walker and Cook, 1991]. Thus, the vertical distribution of age can be used to calculate the vertical component of the groundwater ﬂux, without
the requirement that ﬂow be purely vertical. The vertical component of the groundwater ﬂux will decrease
with depth from a maximum value at the water table, to zero at the base of the aquifer if the aquifer is
underlain by an aquiclude or, to a small value if the aquifer is underlain by a leaky aquitard. Alternative ﬂow
systems for aquifers with different geometry would be represented by different vertical ﬂux distributions
[see Cook and Bohlke, 2000]. On the scale of a pool-rifﬂe sequence, information on the vertical temperature
variation can be used to provide estimates of vertical ﬂux, and therefore, provide information about the
ﬂow system.
2.1. Model Description and Setup
One-dimensional heat transport in a homogenous porous media can be described by the conductionadvection equation:
@T
@2T
qz @T
5ke 2 2
;
c @z
@t
@z

(1)

where T is temperature ( C), ke is effective thermal diffusivity (m2 d21), qz is the vertical water ﬂux (m d21), c
is the ratio of the volumetric heat capacity of the saturated sediment to that of water, z is depth (m), and t
is time (days). The positive direction for qz and z is downward into the subsurface. Equation (1) assumes
that heat is transported through a representative volume where thermal equilibrium exists instantaneously
between the ﬂuid and solid phases and that all terms except temperature are constant both spatially and
temporally.
The bulk parameters used in equation (1) include expressions for gamma (c) and effective thermal diffusivity
(ke). The effective thermal diffusivity is related to the volumetric heat capacity of the saturated sediments
(qbcb), the bulk thermal conductivity [Nield and Bejan, 2006], and thermal dispersivity coefﬁcient (a). Thus,
the expanded equations:

ke 5

kb
q cw
1 a w qz ;
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qb cb
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q b cb
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(3)

;
kb 5 khw 1k12h
s

(4)

qb cb 5hqw cw 1ð12hÞqs cs ;

(5)

where h is porosity, q is density (kg m3), c is speciﬁc heat (J kg21 C21), and subscripts b, w, and s are for the
bulk saturated sediment, water, and solids, respectively, kb is the bulk thermal conductivity (W m21 C21),
and a is the thermal dispersivity coefﬁcient (m). Thus, equation (1) includes terms to represent conduction
in the solid phase, conduction in the liquid phase, and both advection and dispersion in the liquid phase.
There has been discussion in the literature about the inﬂuence of thermal dispersion (second term on the
right-hand side of equation (2)) on heat transport processes as summarized most recently by Rau et al.
[2014]. This term is often neglected or assumed to be small and incorporated within the bulk value of ke
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Figure 2. Comparison of vertical ﬂuxes based on 1-D and 2-D models. (a) Calculated ﬂow paths from the HYDRUS 2-D simulation with constant upper boundary ﬂux of 1 m d21. (b) The
ﬂux ratio between vertical and horizontal components for ﬂux proﬁles taken from x 5 2, 6, 10, and 14 m, showing that the horizontal component increases toward the right-hand boundary. (c) The vertical ﬂuxes calculated by applying the 1-D model to the temperature data extracted from HYDRUS 2-D at x 5 10 m are compared to the vertical ﬂux proﬁle derived from
HYDRUS 2-D. The 1-D model matches the HYDRUS 2-D mean ﬂux proﬁle and thus is representative of the integrated vertical component of ﬂux along a ﬂow path.

(as per equation (2)) which includes both conductive and dispersive components [Anderson, 2005]. Rau
et al. [2012] has shown that for a wide range of water ﬂuxes, thermal dispersion can be neglected when
heat transport is dominated by conduction (i.e., thermal Peclet number < 0.5). In the ﬁeld component of
this study, the mean grainsize of the river sands is conservatively 0.003 m which means that the thermal
Peclet number is < 0.5 for all qz values (with one exception). Hence, we have not directly applied or further
discussed the thermal dispersion term in this study. The heat parameters used in equation (1) (ke and c) are
typically estimated or derived from the literature [e.g., in Lunardini, 1981 or Carslaw and Jaeger, 1959] but
can also be measured in sediment samples. We have approximated ke and c using experimentally derived
relationships developed by Lunardini [1981] as presented in Figure 2 of Lapham [1987] for coarse grained
sediments, similar to those found at our study site.
The numerical approach used in this study is a ﬁnite differencing approximation of equation (1) and takes
the form:
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where Dz is the distance between nodes (m), Dt is the elapsed time between time steps (days), T is temperature ( C) with subscripts i21, i, and i11 referring to spatial nodes, and the superscripts n21, n, and n11
referring to time steps. This ﬁnite differencing scheme keeps all parameters except temperature constant

n
with depth. The advection term is varies with the ﬂow direction so that for upward qz the Tin 2 Ti21
term

n
is replaced by Ti11
2 Tin while for downward qz the advection term is as written in equation (6). The spatial and temporal discretization was chosen so that the numerical scheme was stable and numerical dispersion minimized. This was achieved by decreasing spatial and temporal discretization until the simulated
2
Dt
temperatures did not appreciably change and additionally, by applying stability criteria of a 22a  ke ðDz
Þ2

qz Dt
12a
 2 where a5 c Dz [after Dehghan, 2004]. The numerical dispersion for this numerical scheme was calculated using qz2cDz ð12aÞ and discretization adjusted so that this value was far smaller than the effective
thermal diffusivity term [after Dehghan, 2004]. For most simulations, the model spatial discretization was
0.01 m and the temporal discretization was 0.0001 days but both were made smaller for qz > 1 m d21. The
upper temperature boundary (i 5 0) is a speciﬁed temperature signal that represents the river. The lower
temperature boundary was modeled as a constant temperature at a depth of 5 m. For upwelling proﬁles,
this was the mean temperature at the deepest observation point. For downwelling proﬁles, the mean temperature of surface water observations was used and did not inﬂuence temperatures in the areas of interest
(from the surface to 2 m).
The time variable temperature signal for each observation depth was modeled in an independent simulation with all other parameters held constant with depth. Because each observation depth was modeled
with an independent simulation, the resultant ﬂux proﬁle represents the mean vertical ﬂux of the water
traveling from the surface to each observation depth. To determine this value, the parameter estimation
software PEST was used [Doherty, 2010]. PEST iteratively varied qz to best ﬁt the temperature observation
data at selected observation times by minimizing the sum of the squared differences between observed
and simulated temperature data.
2.2. Comparison with Two 2-D Flow Fields
To validate the 1-D representation of a 2-D ﬂow ﬁeld for heat transport, two 2-D models were constructed
in HYDRUS 2-D [Simunek et al., 1998], a ﬁnite-element software package that simultaneously solves the heat
and water transport equations. Both models were 20 m wide and 4 m deep with no ﬂow boundaries on the
left-hand side and bottom. A hydraulic conductivity of 28.8 m d21 was used to allow a diel temperature signal boundary at the surface to be transported vertically and horizontally into the model (all simulations use
a sinusoidal diel temperature signal with amplitude of 3 C). The heat transport parameters were made to
be equivalent between the HYDRUS 2-D models and the 1-D model (porosity 5 0.35, ke 5 0.046 m2 d21,
c 5 0.82) so that mean vertical ﬂuxes could be compared directly. HYDRUS 2-D mesh discretization was
reﬁned to 0.02 m for the top 1 m and 0.05 m for the remainder of the model domains to ensure numerical dispersion was small. Synthetic temperature observation data from the HYDRUS 2-D models were
exported from appropriate depths to be used as observations in the 1-D model to calculate the vertical ﬂux
to that point. Proﬁles of the vertical component of ﬂux were also extracted from HYDRUS 2-D for comparison with the 1-D model vertical ﬂuxes.
The ﬁrst model was designed to determine whether the temperature signal output at depth from a simple
2-D ﬂow ﬁeld could be matched using our 1-D model with the same vertical ﬂux values. The model had a
constant ﬂux of 1 m d21 applied to the surface and a constant head boundary on the right-hand side (Figure 2a). A diel sinusoidal temperature signal was applied at the upper boundary with a third type temperature boundary on the right-hand side of the model. In this model, the vertical component of ﬂux decreases
linearly with depth and the vertical ﬂux proﬁle does not vary spatially, except for very close to the boundaries. The horizontal component of ﬂux increases linearly from left to right in this model (Figure 2b). We constructed vertical proﬁles of temperature observations at x 5 2, 6, 10, and 14 m from the left-hand boundary
with observation nodes at 0.1, 0.3, 0.5, 1.0, and 1.5 m below the surface. The temperature time series observations for the same depth from each of the respective proﬁle locations were identical (to within rounding
error 0.001 C), as were the vertical ﬂux proﬁles taken at the same x locations, despite the water having traveled different horizontal distances. The vertical ﬂux proﬁle calculated from the synthetic temperature

CRANSWICK ET AL.

C 2014. American Geophysical Union. All Rights Reserved.
V

3998

Water Resources Research

10.1002/2013WR014410

observations using the 1-D model accurately matched the proﬁles of mean vertical ﬂux in the HYDRUS 2-D
simulation (Figure 2c).
The second model represented an idealized pool-rifﬂe sequence where the ﬂux was variable across the
upper boundary (Figure 3a). The right-hand boundary was no ﬂow and a speciﬁed head (h) was applied at
the surface, decreasing linearly from h 5 4 m at the left-hand boundary to h 5 2 m at the right-hand boundary. Three vertical proﬁles of temperature observations over time were exported from the downwelling
(left) side of the model at x 5 1, 2, and 4 m from the left-hand boundary at vertical depths of 0.2, 0.4, 0.6,
0.8, 1.0, 1.5, and 2.0 m below the surface. One vertical proﬁle was exported from the upwelling (right) side
of the model at x 5 18 m, at vertical depths of 0.05, 0.1, 0.15, 0.2, 0.3, and 0.4 m below the surface (Figure 3).
The synthetic temperature data extracted from HYDRUS 2-D were then simulated for each proﬁle using the
1-D model to estimate the mean vertical water ﬂux from the surface to each depth.
At shallow depths, the vertical ﬂuxes obtained from the 1-D model at the downwelling location were similar
to the HYDRUS 2-D mean vertical ﬂuxes at the same location (Figure 3b). However, at greater depths, the
ﬂuxes from the 1-D model plotted to the right of the HYDRUS 2-D mean ﬂux proﬁles for the same x location
and were similar to upgradient ﬂuxes (Figure 3b). This makes sense conceptually, since the temperature
observations at a point in a proﬁle should be representative of the integrated temperature signal of a parcel
of water after it has traveled from the surface to the observation point within the aquifer (i.e., along a ﬂow
path). Flow paths that originate upgradient carry the surface water temperature signal downward more rapidly in this ﬂow ﬁeld because they experience higher vertical ﬂuxes. Thus, vertical proﬁle measurements
made at a particular downwelling location are unlikely to represent the ﬂuxes only at that location, but
rather represent the ﬂow conditions along a ﬂow path originating some distance upgradient. This distance
depends on the horizontal component of ﬂux.
At the upwelling location, diel variations in temperature propagated downward to only 0.4 m depth. Although
the proﬁle location is at 18 m, the vertical ﬂuxes obtained from the 1-D model were more representative of
those at 18.5 m at shallow depths (Figure 3c). In this case, it appears that the downgradient temperatures have
inﬂuenced the temperatures at 18 m through horizontal conduction rather than advection. Similar to the
downwelling proﬁle, a ﬂux determined using subsurface temperature measurements is unlikely to be purely
representative of the ﬂux at that location but rather is inﬂuenced by surrounding heat transport processes.

3. Field Application
3.1. Location
The Haughton River is located approximately 100 km south of Townsville in the tropical northeast of Australia (Figure 4) and receives approximately 1200 mm of precipitation per year [Bureau of Meteorology
(BoM), 2012]. The river is highly seasonal, with mean dry season (May–October) ﬂows of 2 m3 s21 and mean
wet season (November–April) ﬂows of 25 m3 s21. The median wet season peak ﬂow rate is 725 m3 s21 with
the highest recorded ﬂow of 2200 m3 s21 [DERM, 2012]. In the dry season, however, the upper Haughton
River ﬂows as a narrow and shallow meandering or braided river (<30 m width and <0.5 m depth) with
some pool-rifﬂe sequences that are contained within a wide sandy alluvial channel. Adjacent to the alluvial
channel are other Late Tertiary to Quaternary alluvial sediments containing interbedded sands, clays, silty
sands, and silty clays. Underlying these sediments is igneous bedrock, which also outcrops in the hills to the
north and upper catchment to the northwest. The river is thought to be primarily gaining due to its largely
perennial nature and the high precipitation within the catchment. Losing reaches are expected to occur
locally during the sugar cane irrigation season, when groundwater is heavily pumped from the alluvial aquifer. In addition to natural dry season ﬂows, it is common for ﬂow to be augmented by diversions from the
nearby Burdekin River to supply downstream irrigators.
3.2. Data Collection
A 4 day ﬁeld campaign was conducted along a 300 m reach of the upper Haughton River in late September
2011. At gauging station 119003a (located approximately 300 m downstream from the study site), the river
level had been relatively constant (Figure 5) with ﬂows <2 m3 s21 for the previous 4 months [DERM, 2012].
During the study period, there was a gradual increase in river stage before a relatively rapid decrease (stage
level from 0.64 to 0.67 m then down to 0.60 m above the reference elevation). This rapid fall in river stage
was most likely due to a decrease or shutting off of upstream river augmentation from the Burdekin River.
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Figure 3. Comparison of vertical ﬂuxes based on 1-D and 2-D models. (a) Calculated ﬂow paths from the HYDRUS 2-D simulation with variable upper boundary ﬂux. For this simulation,
a speciﬁed constant head was applied to the top surface from 4 m elevation on the left, sloping linearly to 2 m elevation on the right, representing a river boundary with variable
downwelling and upwelling ﬂuxes. (b) The vertical ﬂuxes calculated by applying the 1-D model to the temperature data extracted from HYDRUS 2-D are compared to the vertical ﬂux
proﬁle derived from HYDRUS. (c) The upwelling vertical ﬂux proﬁles calculated by applying the 1-D model to the temperature data extracted from HYDRUS 2-D at 18 m are compared to
the vertical ﬂux proﬁle derived from HYDRUS. Fluxes could not be determined between depths where synthetic temperature data had no diel signature or difference in temperature.
Constant temperatures were observed below 0.4 m and so only six 1-D numerical model-derived ﬂuxes are shown in Figure 3c.
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Figure 4. Overview of the study reach showing proﬁle locations and generalized descriptions of the nature of ﬂow in the river. Other land features are also shown including the extent
of the sandy channel and adjacent slopes and tropical scrub vegetation. Additional proﬁle locations that complete the three cross sections are not displayed as their data are not presented here (see R. H. Cranswick et al., 2014 for further analysis).

The mean river discharge was 1.09 m3 s21 for the time period before the decrease in stage occurred. The
selected site contained an upper pool followed by a split rifﬂe that converged as the river gradient ﬂattened. Across the study site, the depth of water varied from 0.5 m in the slower pools to <0.1 m across rifﬂe
sections, and riverbed sediments consisted of relatively homogenous medium to coarse grained sands with
some small cobble armoring present on the riverbed surface across the faster ﬂowing sections.
Three cross sections were established perpendicular to the ﬂow direction: across the upper pool, at the
head of the rifﬂe below the pool, and at the tail of the same rifﬂe (Figure 4). Thermochron iButtonV thermistors (Maxim Integrated, San Jose, CA) were installed at depths of 0.0, 0.05, 0.1, 0.15, 0.2, 0.3, 0.4 (or 0.45), 0.6,
0.8 (or 0.75), 1.0 (or 0.9), and 1.2 m below the streambed at each of 12 locations, and recorded streambed
temperatures for 2 days at 5 min intervals. Four of these temperature proﬁles are presented in this paper to
demonstrate a range in temperature proﬁle behavior along a pool-rifﬂe sequence: proﬁles C3 (strongly
downwelling), B3 (strongly upwelling), and C4 and D3 (neither strongly upwelling nor downwelling). The
thermistors were installed by driving a 0.025 m steel pipe with disposable tip into the sediments to the
desired depth, placing a 0.015 m diameter plastic rod (with thermistors inset) into the pipe and then gently
removing the steel pipe while keeping downward pressure on the plastic rod. The thermistors have a
reported accuracy of 60.2 C and a resolution of 0.0625 C. All thermistors used in the ﬁeld were post calibrated in a water bath over a similar temperature range as those observed over the study period. The temperature data from the 132 thermistors used in the ﬁeld were then compared with three NIST-certiﬁed
thermistors in a calibration bath. The mean residual between the 132 thermistors and the mean of the three
NIST-certiﬁed thermistors was 0.039 C with a standard deviation of 0.091 C (n 5 23,100).
C
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Figure 5. Hydrograph from river gauge (119003A) approximately 300 m downstream of the study reach, showing historical river stage
with typical seasonal variation between the wet season (November–April) and the dry season (May–October). Inset hydrograph shows the
river stage variation at the time of the ﬁeld campaign and speciﬁcally the 48 h of data collected (red line) and the 24 h interval over which
the temperature data were analyzed (blue line).

At each site, drivepoint piezometers (with 0.05 m slotted screens) were temporarily installed at 1.2 m depth.
Vertical hydraulic head gradients (dh) were measured between the surface water and the piezometer screen
depth using an air-water manometer [after Winter et al., 1998]. The site was surveyed to evaluate the gradient of the riverbed. Sediment cores from the riverbed were collected using a 44 mm Undisturbed Wet Soil
(UWS) Sampler (Dormer Engineering, Murwillumbah South NSW), to later measure porosity and bulk density. Hydraulic tests were conducted to estimate the hydraulic conductivity of the alluvial sediments.
3.3. Model Setup and Implementation
The observed river temperature data at each proﬁle location provided the upper temperature boundary
condition for that proﬁles simulations. Because only 2 days of temperature data were collected (from 9 A.M.
28 September 2011 to 9 A.M. 30September 2011), these short river data sets were repeated six times to
allow for spin-up in the numerical model, minimizing the inﬂuence of initial conditions. The ﬁrst 0.5 days of
temperature observations showed some unexpected behavior (i.e., sharp changes in temperature), thought
to be due to the disruption of the temperature proﬁle when installing the thermistors. Also, a drop in stage
over the last 0.5 days of the data set was seen to inﬂuence the nature of temperature signal propagation.
These two time periods were therefore not used for model calibration. The central 1 day period (9 P.M. 28
September 2011 to 9 P.M. 29 September 2011) was considered to be at steady state hydraulically (i.e., little
change in river stage) and the temperature observations at depth for this period were used in the PEST optimization. We assume that heat parameters ke and c are constant with depth, and these values are ﬁxed for
all simulations, with the exception of those run for the Monte Carlo analysis where the values are varied
between simulations.
To quantify the sensitivity of the modeled temperature signal to model parameters, a Monte Carlo analysis was
applied for each temperature simulation using a range of qz and ke values. Two thousand combinations of random numbers between set ranges were used to determine the relationships between the root-mean-square
error (RMSE) and the values of qz and ke. A uniformly distributed set of random values of ke were generated
between 650% of the ke value estimated from ﬁeld measurements of sediment bulk density and porosity. Uniformly distributed random values for qz were generated with an initial range between 15 and 25 m d21. It was
clear from the relationship between RMSE and qz that the upper and lower error bounds of qz should be
thought of separately since the RMSE versus qz curve was not symmetrical. Additionally, some scatter was
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Figure 6. The relationship between RMSE and qz is shown for the temperature observation data at 0.3 m of the downwelling proﬁle C3
and at 0.45 m of the close to neutral proﬁle D3. It is clear that the temperature simulation is more sensitive to variation of ke for the D3 proﬁle as there is less scatter in the RMSE vs qz relationship. This is due to smaller vertical ﬂux in the D3 example and hence greater importance of conduction. Upper and lower error bars represent the range of qz values for which the RMSE is within 0.091 C of its minimum
value. These error bars represent the range of plausible mean vertical ﬂuxes between the river and this depth.

observed in this curve because the qz values were paired with randomly generated ke values. The uncertainty
of the true ke value was thus incorporated into the relationship between RMSE and qz. For consistency, an
observation error of 0.091 C (standard deviation of ﬁeld thermistors compared with NIST certiﬁed thermistors
during calibration, see Data Collection) was added to the minimum RMSE and all values of qz that fell within
this range were considered plausible values. In order to accurately resolve the error bounds, the range of random qz was subsequently narrowed to better deﬁne the relationship between RMSE and qz, The Monte Carlo
analysis was then run a second time for each observation depth of each proﬁle (i.e., a further 2000 simulations
using random qz and ke to simulate the temperature signal at each observation depth). Hence the upper and
lower bounds of plausible qz values could be identiﬁed as shown in the two example depths of Figure 6.
3.4. Results
Proﬁles C3 (downwelling), B3 (upwelling), and C4 and D3 (close to neutral) had vertical hydraulic gradients
of 0.027, 20.015, 20.002, and 20.001, respectively (Table 1). Hydraulic tests conducted in the near river
sediments resulted in a mean hydraulic conductivity (K) of 91 m d21 and standard deviation of 44 m d21
(n 5 25). The mean hydraulic conductivity and the observed vertical hydraulic gradients together imply vertical ﬂuxes ranging between approximately 2.4 and 21.4 m d21 (using Darcy’s Law for C3 and B3 hydraulic
gradients). Sediments collected from the core samples had a mean porosity of 0.34 and a mean dry bulk
density of 1.28 g cm23 (n 5 3). The magnitude of the diel temperature variation in the river at these proﬁle
locations ranged from 8.48 C at C3 to 6.12 C at B3. At proﬁle C3, the diel temperature signal from the river
was seen to propagate rapidly into the subsurface and beyond the deepest measurement depth, suggesting the presence of a large downward ﬂux (Figure 7). Conversely, the diel temperature signal at proﬁle B3
was considerably damped with depth as might be expected for an upwelling proﬁle. In proﬁle C4, the river
temperature signal was transferred to a depth of 0.10 m with little attenuation but was considerably
damped at greater depths. The diel temperature signal at proﬁle D3 decreased in amplitude with depth
and became almost constant below 0.8 m.
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Table 1. Head Gradients, Optimized Mean Vertical Fluxes, and RMSE for Each Proﬁle Locationa
Multiple Independent Fluxes

C3
B3
C4
D3

Single Flux

dh

qz max
(m d21)

qz min
(m d21)

qz mean
(m d21)

RMSE
( C)

qz
(m d21)

RMSE
( C)

0.027
20.015
20.002
20.001

5.69
20.17
0.83
42.3

0.91
20.04
20.12
0.08

2.68
20.07
0.08
0.39b

0.297
0.070
0.241
0.196

1.35
20.04
20.03
0.49

1.368
0.314
0.752
0.696

a
Values for all simulations for ke and c were approximated to be 0.041 m2 d21 and 0.81, respectively, based on a porosity of 0.34 and dry bulk density of 1.28 g cm23 (n 5 3) for the
Haughton River alluvial sediments [after Lunardini, 1981]. The hydraulic gradient (dh) was measured between the river and 1.2 m below the riverbed; a negative sign indicates an
upward gradient and a positive sign indicates a downward gradient.
b
Mean vertical ﬂux calculated excluding the high value from 0 to 0.05 m.

3.4.1. Single Vertical Flux Approach
Using the mean dry bulk density of our sediments (1.28 g cm23), we estimated heat parameter values of
ke 5 0.041 m2 d21 and c 5 0.81 [after Lapham, 1987] and these values are used in the numerical model. The
model was ﬁrst run to optimize a single qz value for each proﬁle that best ﬁt the temperature observations
from all depths. This is a common approach when limited depth observations are collected or when a single
ﬂux is considered representative of the surface water-groundwater exchange. The optimized vertical ﬂuxes
for C3, B3, C4, and D3 were 1.35, 20.04, 20.03, and 0.49 m d21, respectively, and resulted in relatively poor
ﬁts to the observed temperature data for all proﬁles (RMSE for all depths of 1.368, 0.314, 0.752, and 0.696 C
for C3, B3, C4, and D3, respectively) (Table 1). Although these single ﬂux estimates were similar in magnitude and general trend to the mean of the multiple ﬂuxes (see below), they do not provide information on

Figure 7. Temperature envelopes for proﬁles C3, B3, D3, and C4 where each of the 24 lines shows the temperature proﬁle each hour over the 24 h of analyzed data. The left skewed proﬁles are indicative of the duration of colder temperatures being greater than that of warmer temperatures. The hydraulic gradient (dh) was measured between the river and 1.2 m below
the riverbed; a negative sign indicates an upward gradient and a positive sign indicates a downward gradient.
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Figure 8. Time series data for observed (circles) and modeled (lines) temperature proﬁles from C3, B3, C4, and D3 locations. The ﬁrst and last 0.5 days of the data set (hatched gray) were
not used for the optimization of qz because the proﬁle was disrupted upon installation and hydraulic conditions were changing, respectively. Modeled lines for 0 m depth are not displayed as the observation temperatures displayed were used as the model temperature boundary condition at 0 m. The legend for B3 applies also to C3 while the legend from D3
applies to C4 due to different depths of observation. The hydraulic gradient (dh) was measured between the river and 1.2 m below the riverbed; a negative sign indicates an upward gradient and a positive sign indicates a downward gradient.

the nature of the exchange (i.e., small scale differences in vertical ﬂux due to converging or diverging ﬂow
systems). In the following, we consider only the model results where each observation depth was treated
independently to allow vertical ﬂux proﬁles to be presented.
3.4.2. Vertical Flux Patterns With Depth
When the vertical ﬂux value was optimized for each depth independently, the combined RMSE of each proﬁle was much lower compared to using a single vertical ﬂux and showed good ﬁts for each depth of the
four proﬁles (Figure 8).The combined RMSE for all depths in each proﬁle was 0.297, 0.070, 0.241, and
0.196 C for C3, B3, C4, and D3, respectively (Table 1). The optimized values of qz ranged from 5.69 m d21
(downward) to 20.17 m d21 (upward), with the exception of a high downward ﬂux of 42.3 m d21 between
the surface and 0.05 m at D3 (Table 1).
Proﬁle C3, located at the head of a rifﬂe, was a downwelling ﬂow system (based on the measured head gradient)
where the vertical component of ﬂux was seen to dramatically decrease with depth (Figure 9). This is consistent
with our conceptual model for the downwelling section of a pool-rifﬂe sequence (Figure 1). If the deeper vertical
ﬂuxes became constant with depth, they might represent the net loss from the river (i.e., losing river). However,
because the ﬂuxes continued to decrease with depth, we suggest that these measurements capture and represent hyporheic exchange only. The hyporheic zone at this location is therefore deeper than 1.2 m.
At the tail of the rifﬂe where upwelling was expected (based on a measured upward head gradient), proﬁle
B3 displayed relatively constant temperatures at depth and a damped shallow temperature variation. The
resultant ﬂuxes were weakly upward or neutral with the largest upwelling ﬂux of 20.17 m d21 from 0.05 to
0 m (Figure 9). Using temperature data alone at this scale of measurement (i.e., 1.2 m depth below
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Figure 9. The mean vertical ﬂux from the surface to each observation depth using the 1-D numerical model to best ﬁt the 24 h of temperature data analyzed. Error bars on the numerical
model ﬂuxes are the upper and lower qz that lie within 0.091 C (standard deviation of temperature calibration measurements) of the minimum RMSE from the Monte Carlo analysis for
each depth of observation. Note that the positive sign indicates a downward ﬂux while the negative sign indicates an upward ﬂux and additionally that there are different x axis scales
between proﬁles to better show the variation of ﬂux and error ranges. The hydraulic gradient (dh) was measured between the river and 1.2 m below the riverbed; a negative sign indicates an upward gradient and a positive sign indicates a downward gradient.

streambed), it was not possible to determine whether this upwelling ﬂux was from groundwater or a long
hyporheic ﬂow path (since both would be expected to have a relatively constant temperature signal).
Proﬁle D3 was located in a slow moving glide just upstream from the top of the rifﬂe where a neutral or
slightly downwelling ﬂux proﬁle was expected. An almost constant downward mean ﬂux of 0.39 m d21 was
estimated, excluding the very high downward ﬂux of 42.3 m d21 from 0 to 0.05 m (Figure 9). It is possible
that the apparent high ﬂux from the surface to 0.05 m was due to a rapid current driven hyporheic
exchange (a ﬂux of 42.3 m d21 appears plausible for medium-coarse grained sands with a mean hydraulic
conductivity of 91 m d21). While observed downward hydraulic gradients across the site ranged from 0.002
to 0.027 (between surface water and 1.2 m below the riverbed), higher pressure gradients are plausible
close to the riverbed surface. It is unclear why such a rapid shallow exchange was not observed elsewhere.
Proﬁle C4 represents a convergent ﬂow system with a temperature signal propagating rapidly downward
from the surface to 0.15 m, but with apparent upward ﬂuxes from greater depths (Figure 9). It is possible
that this is an example of a shallow (0–0.15 m) current driven hyporheic exchange overlying an upwelling
section of a larger scale (deeper) ﬂow path. This variation in ﬂux direction demonstrates the importance of
detailed vertical measurements with depth, as the shallow data indicated downwelling while the deeper
data indicated upwelling ﬂuxes.
3.4.3. Error Analysis of Vertical Fluxes with Depth
Error bounds for vertical ﬂux estimates have been derived by considering temperature measurement error
and the uncertainty of ke values. Although they do not include other possible sources of uncertainty (e.g., nonsteady state ﬂow ﬁeld or spatial variability of parameter values), they provide an indication of the accuracy of
the estimated ﬂuxes. The error associated with each optimized ﬂux generally increased with increasing ﬂux
magnitude (Figure 10). Most downward ﬂuxes had smaller errors than their ﬂux values (plotting below the 1:1
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Figure 10. Absolute values of mean vertical ﬂux plotted against positive and negative error bars for proﬁles C3, B3, C4, and D3 (data also
presented in Figure 9). Solid symbols represent ﬂuxes with their error toward and crossing zero while hollow symbols represent ﬂuxes
with their error increasing away from zero. Errors are generally less than mean vertical ﬂux values between 0.3 and 6 m d21.

line) while upward ﬂuxes generally had larger errors relative to their values (plotting above the 1:1 line). The
data presented in Figure 10 separate the error bars extending from the optimized ﬂux value toward zero (solid
symbols) from those away from zero (hollow symbols). This is important for a number of observation depths
where one of the error bars crossed zero and hence the direction of the ﬂux is uncertain (all solid symbols
plotting to the left of the 1:1 line). Generally, this occurred for approximately half of the ﬂuxes smaller in magnitude than 0.3 m d21 (both upward and downward). This is particularly apparent for the slowly downwelling
proﬁle D3, where the vertical ﬂux error crossed zero for each of the ﬁve depths that were deeper than 0.3 m
below the riverbed (Figure 9). A potential explanation for these error bars crossing zero is the incorporation of
a wide range of ke values during the Monte Carlo analysis where the higher ke values would have enhanced
the conductive component of heat transport (i.e., the upper bound of ke values was 0.062 m2 d21 compared
to the mean value of 0.041 m2 d21). This can be seen in the scatter of the relationship between RMSE and qz
for D3 to 0.45 m, where the error bound crosses zero (Figure 6). In contrast, the relationship between RMSE
and qz for C3 to 0.3 m is more clearly deﬁned. This shows that the magnitude of the conduction term
becomes less important for evaluating high ﬂuxes than for evaluating low ﬂuxes.
Errors that extend from the optimized ﬂux value away from zero (hollow symbols) were greater than the magnitude of their respective ﬂux values when the ﬂuxes were less than approximately 0.3 m d21. For example,
each of the upward ﬂux estimates from the lower depths of proﬁles B3 and C4 had large errors away from zero
(Figure 9) meaning that the magnitude of the upward ﬂux could not be well constrained. This was a result of
the insensitivity of the temperature signal to changes in ﬂux because of the small differences in temperature
with depth. Similarly, for some of the larger downwelling ﬂuxes, an increase in the magnitude of ﬂux had little
effect on the RMSE because the difference in the temperature signal between the surface and the observation
depth was very small. When all data are considered together, relative errors range from 5% to >1000%,
although large relative errors are mostly associated with small estimated ﬂux values. The lowest errors are
found for ﬂuxes between 0.3 and 6 m d21. Outside of this range, errors are always >50% of the ﬂux value.

4. Discussion
4.1. Variations in Vertical Flux with Depth
Variation in the vertical component of ﬂux with depth along a pool-rifﬂe sequence has been demonstrated
in this study using a simple numerical model. Several recent studies have also identiﬁed variations in
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vertical ﬂux using temperature proﬁles with a high vertical resolution [e.g., Swanson and Cardenas, 2010;
Vogt et al., 2010, Gordon et al., 2012, Briggs et al., 2012]. These authors have presented similar interpretations
for data describing the transition of vertical to horizontal ﬂow with depth in downwelling sections. Briggs
et al. [2012] also presented four ﬂux proﬁles showing a reversal in vertical ﬂux direction (i.e., downward at
the surface and upward at lower depths which is similar to the shallow section of one of our proﬁles).
Hence, this and other recent studies indicate that the interpretation of streambed vertical temperature proﬁles should not assume a constant ﬂux with depth. Increased vertical resolution of temperature observations allows the dynamics of the shallow hyporheic zone to be better understood, which in turn could be
used to better constrain groundwater-surface water exchanges and biogeochemical processes in riverbeds.
The above studies analyze successive subsurface pairs of temperature data with depth and hence assume
vertical ﬂow between these depths. In this paper, we treat each depth observation independently and thus
allow the temperature observations to represent the mean vertical ﬂux of the ﬂow path between the surface and that depth (which does not require purely vertical ﬂow). This assumes that the ﬂow path reaching
each observation depth originates from the surface water in the vicinity of the observation point rather
than directly above. This is considered a more robust interpretation because it does not assume that ﬂow is
purely vertical.
4.2. Model Assumptions and Errors in Flux Estimates
Potential sources of error in vertical ﬂux estimates derived from temperature proﬁles include the uncertainty of measurements (e.g., sensor spacing, and accuracy), uncertainty in parameter values (e.g., c and ke),
and uncertainty in the conceptual model (e.g., purely 1-D vertical ﬂow, sinusoidal temperature input,
steady-state ﬂow ﬁeld, homogenous, and isotropic sediments). Shanaﬁeld et al. [2011] showed that when
relatively high uncertainty in the value of ke, sensor spacing and of sensor accuracy are combined, there
was >50% error for all upward ﬂuxes and downward ﬂuxes less than approximately 1.2 m d21. The simpliﬁcation of a river temperature signal to a sinusoidal function was shown by Lautz [2010] to result in ﬂux
errors of >25%. Lautz [2010] also showed that disagreement between the phase shift and amplitude ratio
methods using the Stallman [1965] solution meant that the analytical solutions could not resolve downward
ﬂuxes smaller than approximately 0.35 m d21.
The numerical model developed in this study shares some of these sources of uncertainty. However, our
model approach has the versatility of using raw temperature data as its upper and lower temperature
boundary conditions. Hence, there is no need to ﬁlter or average data to force the boundary condition
assumptions of the analytical solutions. Additionally, the model does not rely on hydraulic conductivity or
head gradient information to drive ﬂow in the system, and therefore, does not introduce this potential
source of uncertainty. By treating each observation depth independently, we do not assume purely 1-D
ﬂow, as would be the case if sequential pairs of data down a proﬁle were analyzed.
In our study, the uncertainty of the value used for ke and the temperature measurement error are accounted
for by the upper and lower error bars of qz derived from the Monte Carlo analysis. An asymmetric relationship was found between qz and RMSE, where RMSE was generally less sensitive to ﬂux as its magnitude
increased away from zero than toward zero. In general, downward ﬂuxes between 0.3 and 6 m d21 were
well resolved (errors signiﬁcantly less than estimated ﬂuxes). Larger downward ﬂuxes were not well
resolved, but this is due to the small sensor spacing (high downward ﬂuxes only occurred within the upper
10 cm of the proﬁles). Smaller ﬂuxes (both upward and downward) were not well resolved, and in most
cases the direction of the ﬂux could not be determined (error greater than ﬂux value). The approximate
lower limit of resolution of 0.3 m d21 is similar to that reported by Lautz [2010]. High upward ﬂuxes were
not recorded at our ﬁeld site.
4.3. Effective Spatial Footprint of Temperature Observations
Conceptually along a 2-D pool-rifﬂe sequence, the vertical component of the ﬂow decreases with depth
along the ﬂow path, until reversing so that the vertical component of ﬂow is upward at the tail of the rifﬂe
(Figure 1). In a similar 2-D system (Figure 3), we found that the 1-D analysis overpredicts vertical ﬂux compared to the mean vertical ﬂux proﬁle at the same location in the 2-D ﬂow ﬁeld. This is because temperature
observations made at a point were actually representative of the integrated temperature signal along the
ﬂow path traveling through that point. In the downwelling zone, more rapid downwelling ﬂuxes at
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upgradient locations caused faster propagation of the surface water temperature signal to the observation
depths, resulting in higher ﬂux estimates using a 1-D approach than those observed in the 2-D model at
the same location (Figure 3b). In the upwelling zone, we suggest that higher upward ﬂuxes adjacent to the
proﬁle location affected the temperature proﬁle via horizontal conduction and hence vertical ﬂux estimates
were different for the 1-D and 2-D models (Figure 3c). This potential inﬂuence of horizontal conduction on
ﬂuxes is consistent with the ﬁndings of Ferguson and Bense [2011], who used a simple 2-D model with two
hydraulic conductivity zones to demonstrate that temperature observations can be greatly inﬂuenced by
adjacent ﬂow zones.
In a 2-D system, the difference between the vertical ﬂux derived from 1-D analysis of temperature data and
the actual vertical ﬂux at the measurement location depends on the location of the proﬁle, as shown for different ﬂow systems by Cuthbert and Mackay [2013] and Roshan et al. [2012]. Both of these studies found
that the largest discrepancy between 1-D and 2-D ﬂuxes occurred where the nonuniformity in the ﬂow ﬁeld
was greatest (i.e., where there is horizontal variation in vertical ﬂux). This ﬁnding was also validated by our
study. Our simulations suggest that differences between ﬂuxes derived from 1-D analysis and those derived
from 2-D (or 3-D) approaches should not be considered as ‘‘errors.’’ Rather, the vertical ﬂux derived from
analysis of a temperature observation in a downwelling section of a pool-rifﬂe sequence represents of the
mean vertical ﬂux along the ﬂow path traveling through that observation point. This ﬂow path would have
originated some distance upgradient and we can think of this as an effective ‘‘spatial footprint,’’ deﬁned by
the horizontal distance the water has traveled from the point of inﬁltration. The size of this spatial footprint
would depend on the horizontal component of ﬂow, although this cannot be easily determined from vertical temperature proﬁles. It is plausible for a spatial footprint to be on the order of tens of meters in the ﬁeld,
depending on the geometry of the ﬂow system (see Figures 2a and 3a) and hydraulic properties of the aquifer material. The concept of a spatial footprint associated with each mean vertical ﬂux derived from subsurface temperature measurements may warrant further exploration. Applied tracer tests combined with
detailed subsurface observations would provide a means for describing ﬂow paths and hence characterize
the horizontal component of ﬂow.

5. Conclusions
A simple 1-D numerical approach using riverbed temperature observations has shown that the vertical component of hyporheic ﬂux is not constant with depth. This approach is able to characterize the vertical ﬂux
variation using multiple temperature observations with depth in downwelling, upwelling, convergent, and
neutral sections of the hyporheic zone. Each temperature observation with depth was treated independently and allowed for a robust interpretation of the variation in vertical ﬂuxes with depth to be made. Vertical ﬂuxes ranged from 5.7 m d21 (downward) to 20.2 m d21 (upward) and detailed proﬁling demonstrated
the importance of considering how ﬂux varies with depth so that we can better describe the vertical variability of hyporheic exchange ﬂuxes. Vertical ﬂuxes between 0.3 and 6 m d21 were well constrained
whereas ﬂuxes outside of this range had large errors. The temperature signal at any particular depth should
be thought of as representative of the mean vertical ﬂux from the surface along a ﬂow path to that point.
Thus, the vertical ﬂuxes derived from temperature data using a 1-D analysis have spatial footprints, which
are equal to the upgradient length of each ﬂow path. This is an important consideration when evaluating
the differences between vertical ﬂuxes derived from 1-D and 2-D approaches.
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Erratum
The reference for Briggs et al. [2012] has been changed from ‘‘Briggs, M., L. Lautz, and J. McKenzie (2012), A comparison of ﬁbre-optic distributed temperature sensing to traditional methods of evaluating groundwater inﬂow to streams, Hydrol. Processes, 26(9), 1277–1290’’ to
‘‘Briggs, M. A., L. K. Lautz, J. M. McKenzie, R. P. Gordon, and D. K. Hare (2012), Using high-resolution distributed temperature sensing to
quantify spatial and temporal variability in vertical hyporheic ﬂux, Water Resour. Res., 48, W02527, doi:10.1029/2011WR011227.’’
The labels on Figures 2 and 3 were incorrect in the original publication. They have since been corrected, and this version may be considered the authoritative version of record.
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